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Abstract
The stratosphere/troposphere/lower-mesosphere-coupling was investigated during strong
stratospheric Northern Annular Mode (NAM) episodes using the middle atmospheric model
MAECHAM5. A lag-composite-analysis shows that strong positive stratospheric NAM-phases are
associated with circulation anomalies propagating from stratosphere into troposphere as well as with
reversed circulation anomalies propagating from mesosphere into stratosphere.
It is shown, using the momentum-budget and an approach based on stretching vorticity, that
the stratospheric NAM-anomalies and their downward propagation into the troposphere in
MAECHAM5 can be explained by the non-local effect of stratospheric wave-forcing (downward
control) and an internal wave-driven quasigeostrophic adjustment in the troposphere. More
specifically, the anomalous stratospheric westerly planetary-wave forcing at strong vortex is
associated with an anomalous contraction in the high-latitude and a stretching in the mid-latitude
stratosphere and thus a remote anomalous stretching (associated with cooling) in the high-latitude
and a contraction (associated with warming) in the mid-latitude upper troposphere. The troposphere
responds with an anomalous westerly planetary wave drag at its polar jet, which explains the
enhanced westerlies there. This wave drag results, according to the momentum-budget, in an
anomalous equatorward mass-transport from the anomalous warm to cold area, which leads to a
quasigeostrophic horizontal mixing and thus damping and adjustment of the non-locally induced
upper tropospheric anomalous meridional temperature gradient. The internal tropospheric resolved
wave drag exercises an additional downward control that transfers the non-locally induced
stratospheric anomalies further into the lower troposphere.
The persistence and downward-propagation of the NAM-anomalies inside the coupled
troposphere/ stratosphere-system is increased by the positive vortex-resolved wave feedback. The
decrease and closing of the strong NAM-anomalies near the surface is induced by residual and
resolved wave drag. The increase and downward propagation of reversed NAM-anomalies from
mesosphere into stratosphere can be explained by a negative feedback between vortex and gravity
waves.

1 Introduction
Many observational studies show an impact of the stratosphere on the tropospheric
circulation [Kodera et al. ,1990; Baldwin and Dunkerton, 1999 and 2001]. The stratospheric
impact on the troposphere was also shown in relatively simple models and more complex
general circulation models [Bovile, 1984; Christiansen, 2001; Polvani and Kushnir, 2002;
Norton, 2003]. Several mechanisms have been proposed for this impact. The first mechanism
is the direct induction of tropospheric circulation anomalies by stratospheric potential
vorticity change [Black, 2002; Ambaum and Hoskins, 2002]. A strong stratospheric polar
vortex is associated with enhanced positive stratospheric potential vorticity anomalies and
this causes a stretching of the tropospheric column and a pressure lowering at the pole. An
equivalent approach to the non-local effect of the potential vorticity is the 'downward control'
shown by Haynes et al. [1991] and Holton et al. [1995]. In this mechanism, the meridional
circulation is non-locally controlled by wave-induced forcing and short-wave heating. The
second mechanism that has been proposed is the indirect effect of the refraction index on
wave propagation. The change of the low stratospheric polar vortex induces a change of
tropospheric vertical wind shear as well as vertical and meridional wind curvature, and thus a
change in wave refraction [Lorenz and Hartmann, 2003]. The third mechanism is the vertical
reflection of Rosby waves in the upper stratosphere into the troposphere [Perlwitz and
Harnik, 2003 and 2004]. In this latter mechanism a reflecting surface, which results from the
vertical wind curvature, is formed around 5hPa, if the polar night jet is at its peak strength.
Another mechanism called 'downward control with eddy feedback' has been proposed by
Song and Robinson [2004]. In this mechanism an amplifying of wind by the eddy feedback
inside the troposphere [Lorenz and Hartmann, 2003] was proposed in addition to the
downward control mechanism.

Most of the above mentioned mechanisms do not include the upper stratosphere and
lower mesosphere. In our study we use the middle atmospheric version of the ECHAM5
model, whose vertical domain ranges from the surface to about 80km, and whose
parameterization includes the gravity wave impact on upper stratosphere and lower
mesosphere. Thus, the effect of upper stratosphere and lower mesosphere on the
troposphere-stratosphere coupling, which has not been considered in previous mechanisms,
can also be included. There is observational evidence of compensating cooling in the
mesosphere during the sudden stratospheric warming [Quiroz, 1969; Labitzke, 1972a and
1972b; Hirota and Barnett, 1977], which has been attributed to the gravity wave drag effect
[Lindzen, 1981; Matsuno, 1982; Holton, 1983]. The impact of such compensating mesospheric
temperature changes on the stratosphere-troposphere coupling has not been considered.
In this study we addressed the following fundamental questions:
(1) Which mechanisms control the growth of the polar vortex anomalies and their impact
on the troposphere in our model simulation?
(2) Which forcings from the momentum budget contribute most to the decay of the
MAECHAM5 polar vortex anomalies?

2 Data and methods
In this work we performed a 45-year simulation with the Middle Atmospheric version of the
ECHAM5 general circulation model (MAECHAM5) coupled to an ocean mixed-layer model.
MAECHAM5 [Roeckner et al., 2003 and 2004] is a climate model developed for simulating the
general circulation of troposphere, stratosphere and lower mesosphere. The vertical grid
resolves the atmosphere from the surface to 0.01 hPa (about 80 km). Differences between
ECHAM5 and MAECHAM5 include: Vertical resolution and location of the model top,
parameterization of the momentum flux deposition due to the dissipation of upward
propagating gravity waves from sources internal to the atmosphere, and modifications in the
representation of the horizontal diffusion. We used the model at T42 horizontal resolution
and 39 levels in the vertical.
Most of the results in this study are based on lag composite analyses using the daily
Northern Annular Mode Index (NAMI) at 50hPa. The NAMI was computed by projecting the
daily 50hPa geopotential height anomalies on the NAM pattern at the same level. The NAM
pattern was computed as first EOF-mode of the monthly winter-anomalies (JAN-MAR) of the
geopotential height at 50hPa north of 20°N. The data were weighted using the cosine of
latitude before performing the EOF-analysis. All anomalies used in this study were obtained
by removing the climatology of 30-day low pass filtered data from the daily data. The high
composite consists of the daily winter NAMI anomalies with the values above 2 times its
standard deviation and the low composite consists of values below -2 times the standard
deviation. Not only the instantaneous anomalies were considered in this composite, but also
the anomalies from 40 days before to 40 days after the NAMI peak.

3 The coupled system stratosphere, troposphere and lower
mesosphere during strong stratospheric vortex
As can be seen in (Fig.1 and 2), a lag composite analysis based on the 50hPa-NAMI showed
enhanced anomalous westerlies and a temperature quadrupole between troposphere and
lower mesosphere that strengthen during the increase and weaken during the decrease of the
positive NAMI phase. The lower part of the NAM temperature quadrupole shows a downward
propagating dipole with a cold pole in the polar and a warm pole in the mid-latitude
troposphere and stratosphere. At the same time it shows an anomalous westerly wind and
wind shear that also strengthen and propagate downward, especially in the increase and
mature phases. The upper part of the temperature quadrupole shows a downward

propagating warm pole in the polar mesosphere and upper stratosphere and a cold pole in the
mid-latitudes at the same altitudes, and it is associated with an anomalous easterly wind
shear that also strengthens and propagates downward, especially in the decline and decay
phases. The mature phase of the stratospheric NAMI is also associated with a NAM-like
pattern (Fig. 3) of geopotential height that appears first in the stratosphere during the onset
phase and propagates afterwards into the troposphere. These patterns strengthen also in the
growth and weaken in the decline phases of the vortex.

Fig.1 The difference between the high and low lag composite (H - L) of (a) the NAMI at
50hPa, (b) the averaged zonal mean of zonal wind between 55 and 70°N and (c) the
averaged zonal mean of the temperature north of 60°N. Positive (negative) values are
represented by solid (dashed) lines and zero by a thick line. A t-test at the 95% confidence
level was performed. Only significant levels are shaded dark grey for positive and light
grey for negative values.

(a) Zonally averaged zonal wind

(b) Zonally averaged temperature

Fig.2 The differences between high and low composite (H - L) of (a) the zonally averaged
zonal wind and (b) temperature at time lags -40, 0 and 30. Positive (negative) values are
represented by solid (dashed) lines and zero by a thick line. A t-test at the 95% confidence
level was performed. Only significant levels are shaded dark grey for positive and light grey
for negative values.

Fig.3 The difference between high and low composite (H - L) at time lags -40, 0 and 30 of the
geopotential height at the 10 and 500hPa levels. Positive (negative) values are represented
by solid (dashed) lines. A t-test at the 95% confidence level was performed. Only significant
levels are shaded dark grey for positive and light grey for negative values.
In summary, the strong polar vortex episodes are associated not only with a downward
propagation of anomalous cooling and westerlies from the polar stratosphere into the
troposphere but also with a downward propagation of anomalous warming, easterly wind
and easterly wind shear from the mesosphere into the stratosphere. The temperature pattern
during the vortex mature phase shows a quadrupole structure and the zonal wind is in
thermal wind balance with the temperature pattern.

4 Dynamics of the stratospheric NAM and its downward
propagation
The dynamics that control the wind and temperature anomalies during strong NAM-phase
were investigated by diagnosing the anomalies of the residual velocity (Eq. (2)), EliassenPalm flux vector (Eq. (3)) and the quasigeostrophic Transformed Eulerian Mean (TEM)
formulation of the momentum budget in the pressure coordinate (Eq. (1)), in which the
tendency of the zonally averaged zonal wind results from the sum of residual Coriolis drag
(first term on the right-hand side of (1)), wave drag (second term of (1)) and residual drag
(third term of (1)). The residual drag includes all non-resolved forcings like frictional and
gravity wave drag.
(1)
(2)
(3)

The subscripts t,
and p denote the partial derivatives in time, latitude and pressure.
Overbars denote the zonal mean, while primes denote the deviation from the zonal mean. is
the zonally averaged zonal wind, and the zonally averaged temperature and potential
temperature, and
are the horizontal and vertical residual velocities. F is the EliassenPalm-Flux (EP-flux) vector and
. its divergence, while
and
are the meridional and
vertical components of the EP-flux.
and a denote the Coriolis parameter and the earth's
radius.
According to Ambaum and Hoskins [2002], the downward propagation of stratospheric
wind anomalies into the troposphere results from a change of the tropopause height and thus
from the stretching and/or contraction of the stratospheric column. The contraction
(stretching) of the stratosphere can lead, by continuity, to the stretching (contraction) of both
troposphere and mesosphere and thus to temperature pressure and wind changes through
the resulting vertical motion. Understanding the processes that drive the contraction and
stretching of an atmospheric layer will help to understand not only the tropospherestratosphere coupling but also the stratosphere-mesosphere coupling. The stretching and
contraction of an atmospheric layer can be described through the stretching vorticity (e.g.
equations 6.26 and 10.23 in Holton, 1992), whose zonal mean in log-pressure coordinates (z)
is defined as follows [Andrews and Holton, 1987]:
(4)

Where is the geopotential height and air density. The use of the hydrostatic equation and
the integration between the top and the bottom of an atmospheric layer leads to the following
equation (‘< >’ denotes the vertical integral) after the time derivative is taken:
(5)

In general, the dynamical contraction of an atmospheric layer is associated with an adiabatic
warming by downward motion at its top and/or adiabatic cooling by upward motion at its
bottom. Equation (5) shows that this also associated with an increase of the stretching
vorticity. The stretching of an atmospheric layer is associated with an adiabatic cooling by
upward motion at its top and/or adiabatic warming by downward motion at its bottom and

thus, according to (5), with a decrease of the stretching vorticity.
Using some basic equations in the quasi-geostrophic formulation, we can derive the
following tendency equation of the zonal mean of the stretching vorticity:
(6)

The first term on the right-hand side of this equation is the meridional divergence of the
meridional residual Coriolis forcing. Under the assumption that tendency of the zonally
averaged momentum is small, then residual Coriolis forcing, according to equation (1), is
mostly related to the wave and residual forcing. It thus reflects the dynamical impact. The
second term is the vertical gradient of diabatic heating. It is not considered here, since the
dynamical damping time scale in the stratosphere is much higher than the radiative one, and
the winter stratospheric circulation is driven mainly by wave dynamics. Because of the
residual Coriolis forcing depends on the Coriolis parameter, the dynamical impact is
associated with a stronger stretching vorticity change in high than in mid-latitudes. The
meridional convergence (divergence) of the meridional residual velocity leads to a stretching
(contraction) and thus according to eq. 6, to a decrease (increase) of the stretching vorticity.
Fig. 4 shows the cases in which we have a stretching (contraction) of an atmospheric layer
when there is a convergence (divergence) of meridional mass transport acting in the middle
of this layer. This is equivalent to convergence (divergence) of residual Coriolis forcing, and
hence to an decrease (increase) in stretching vorticity (equation (6)). The contraction of an
atmospheric layer can be induced by the following processes (Fig. 4): A poleward decrease of
equatorward residual velocity (or westward residual Coriolis forcing) (case 1a), a poleward
increase of poleward residual velocity (i.e. eastward residual Coriolis forcing) (case 1b) or a
poleward transition from equatorward to polward residual velocity (case 1c). The stretching
of an atmospheric column can be caused by the following processes (Fig. 4): A poleward
increase of equatorward residual velocity (i.e. westward residual Coriolis forcing) (case 2a), a
poleward decrease of poleward residual velocity (i.e. eastward residual Coriolis forcing) (case
2b) or a poleward transition from equatorward to poleward residual velocity (case 2c).
As can be seen in Fig. 4, the change of the stretching vorticity associated with residual
Coriolis drag can also be considered as a direct effect of mass conservation in which vertical
mass convergence, i.e. contraction, is induced north of the region with highest equatorward
mass transport and easterly residual Coriolis drag and/or south of the region with highest
poleward mass transport and westerly residual Coriolis drag. The vertical mass divergence,
i.e. stretching, is induced north of the region with highest poleward mass transport and
westerly residual Coriolis drag and/or south of the region with highest equatorward mass
transport and easterly residual Coriolis drag.
Next, we consider the dynamics of strong stratospheric jet in MAECHAM5 and its
coupling to troposphere and mesosphere based on the theoretical background introduced
above. During the growth and the mature phases of the stratospheric jet there is an
anomalous equatorward deflection of the tropospheric planetary waves (Fig. 5 ), which leads
to reduced wave-breaking in the polar stratosphere and thus to an anomalous westerly
planetary wave drag (Fig. 6a). Middle and lower stratosphere respond to these changes with
an anomalous easterly residual Coriolis drag (i.e. equatorward mass transport, Fig. 6b and 9)
that balances the westerly planetary-wave forcing and weakens the Brewer-Dobson
circulation. The maximum of both forcings is reached about 2 days before the wind and
temperature maximum at lag 0 (see also Fig. 10). Since the eastward planetary wave forcing is
generated during a strong vortex and strengthens it even further, there is a positive feedback
between NAM wind-pattern and the planetary waves. This feedback can be explained with the
Charney-Drazin criterion, in which the planetary waves propagate upward when the

background wind is westerly and not very strong. Very strong westerly wind anomalies (as in
Fig. 1 and 2) enhance the background westerly wind and inhibit the upward wave
propagation as seen in Fig. 5. This, in turn, leads to less wave breaking into the stratosphere
and thus to a strengthening of the stratospheric jet by planetary wave drag (Fig. 6a). The
strongest anomalous westward residual Coriolis drag and equatorward motion in the
stratosphere are centered at 60 to 70°N. This results (according to Fig. 4 ) in an anomalous
divergence of residual Coriolis forcing and meridional velocity north of and a convergence
south of 60 to 70°N, which lead, by continuity, to a contraction of the stratosphere in high
(case 1a of Fig. 4) and a stretching in mid-latitudes (case 2a in Fig. 4).

Fig.4 Illustration of the effect of the meridional structure of the meridional residual velocity
(residual Coriolis forcing) on the stretching and contraction of a free atmospheric layer
(stretching vorticity) according to cases 1a, 1b, 1c, 2a, 2b and 2c (see text). Horizontal
arrows represent the meridional component of the residual velocity, which is proportional
to the residual Coriolis forcing; the vertical arrows represent the vertical residual
movement, which causes adiabatic warming (cooling) by upward (downward) motion. The
dotted (solid) curves correspond to the initial (final) position of the upper- and lowermost
air mass.

These changes contribute again, by continuity, to an anomalous stretching in high
latitude upper troposphere and lower mesosphere, and a contraction in mid-latitude upper
troposphere and lower mesosphere. This mechanism is equivalent to the downward control
mechanism below the strongest stratospheric wave drag. The upper troposphere responds to
its stratosphere-induced changes with westerly planetary-wave drag at the tropospheric jet,
which explains its strengthening there (Fig. 6a), and a negative wave drag north and south of
it, which explains the closing of the strong anomalous westerlies at both sides of the
tropospheric jet. This results, according to the momentum budget, in mass convergence over
the contracted and divergence over the stretched area as well as an anomalous equatorward
mass transport from the anomalous cold and stretched areas into the anomalous warm and
contracted areas (Fig. 9). This response of tropospheric waves can be seen as a
quasigeostrophic mixing and adjustment that counteracts and dampens the non-locally

induced anomalous meridional temperature gradient associated with the stratospheric
downward control mechanism. The mass convergence in the contracted upper tropospheric
areas is associated, by continuity, with an anomalous downward motion in the mid-latitudes
lower tropospheric, which pumps the air from upper into lower troposphere and explains the
warming and pressure increase there. The mass divergence in the stretched upper
tropospheric areas is associated with an anomalous upward motion in the high-latitudes
lower tropospheric levels, which pumps the air from the lower into the upper troposphere
and explains the cooling and pressure decrease there. The induced internal tropospheric
wave drag thus exercises an additional downward control on the lower troposphere that
transfers the stratospheric anomalies from the upper into the lower troposphere more
efficiently. In this mechanism, the downward control by stratospheric waves is indispensable
in driving the anomalous meridional temperature gradient and the associated wave driven
adjustment and horizontal mixing. This tropospheric mixing tends in turn to dampen and
counteract the upper tropospheric anomalous temperature gradient induced by the
stratospheric downward control.

Fig.5 Difference between high and low composite (H - L) of the EP-flux represented as stream
plot and vector at lag -5, -2 and 0
The enhanced westerlies near the bottom are maintained mainly by the westerly
residual Coriolis forcing (i.e. poleward mass transport, Fig. 8) against the wave and residual
forcing, which, by continuity, counteracts the upper tropospheric anomalous equatorward
mass transport and closes the anomalous meridional circulation from below.

Fig.6 Difference between high and low composite (H - L) of (a) planetary wave forcing, (b)
residual Coriolis forcing, and (c) residual forcing at time lags -5, -2 and 0 in the mature phase.
Positive (negative) values are represented by solid (dashed) lines and zero by a thick line. A ttest at the 95% confidence level was performed. Only significant levels are shaded dark grey
for positive and light grey for negative value.

Fig.7 This figure is like Fig. 8 but it shows the parameterized non-orographic gravity wave

Fig.8 (a) shows the difference between high and low composite of lowermost tropospheric
residual Coriolis forcing (solid line), wave forcing (dotted line), and residual forcing (dashed
line) at time lag -5. (b) is similar to (a) but at time lag 0.

Fig.9 Difference between high and low composite (H - L) of the inverted omega residual
velocity at time lags -5, -2 and 0 in the mature phase. The vertical omega residual velocity was
scaled by density. The stream plot represents the meridional residual circulation. A t-test at
the 95% confidence level was performed. Only significant levels of the omega residual
velocity are shaded dark grey for upward and light grey for downward motion.
Lower mesosphere and uppermost stratosphere respond to the strong stratospheric jet
with a delayed strong negative residual drag (dominated mainly by gravity wave drag, Fig. 6, 7
and 12), which weakens the stratospheric jet in its decline and decay phases and exercises
negative feedback on it. The enhanced easterly residual or gravity wave drag results,
according to the momentum budget, in an anomalous westerly residual Coriolis drag (Fig. 6
and 10) and thus poleward mass transport, which results, by continuity, in stretching of the
polar mesosphere and upper stratosphere (case 2b of Fig. 4). This enhances the anomalous
downward motion and adiabatic warming in both lower mesosphere and stratosphere (Fig.
11), which explains the downward propagation of warming and easterly wind shear into the
middle stratosphere in the decrease and decay phases. The negative feedback between
residual (i.e. gravity wave) drag and polar vortex acts as a self-regulating mechanism of the
strong wind and temperature anomalies during strong vortex episodes. The weakening of the
stratospheric jet is accelerated and enhanced by the polar-vortex planetary-waves feedback,
in which the weaker vortex in the decline and decay phases leads to more upward wave
breaking into the stratosphere and thus to less EP-flux divergence (Fig. 10), which in turn
weakens the vortex further. The stratospheric response in the decline and decay phases can
be seen as a delayed adjustment of the wave-induced stratospheric change seen during the
growth and mature phases.

Fig.10 The difference between high and low lag composite (H - L) of the averaged (a) residual
forcing, (b) residual Coriolis forcing, and (c) wave forcing between 55 and 70°N. Positive
(negative) values are represented by solid (dashed) lines and zero by a thick line. A t-test at
the 95% confidence level was performed. Only significant levels are shaded dark grey for
positive and light gray for negative values.

Fig.11 Difference between high and low lag composite (H - L) of the averaged (a) inverted
omega residual velocity and (b) adiabatic temperature change by vertical motion north of
60°N. Positive (negative) values are represented by solid (dashed) lines and zero by a thick
line. A t-test at the 95% confidence level was performed. Only significant levels are shaded
dark grey for positive and light grey for negative values.

5 Conclusion
In summary, the strong polar vortex episodes are associated with a downward propagation of
anomalous cooling and westerlies from the stratosphere into the troposphere and a
downward propagation of anomalous warming, easterly wind and easterly wind shear from
the mesosphere into the stratosphere.
Fig. 12 summarizes the anomalous changes that contribute to the growth and decay of
the polar jet and its impact on the troposphere and mesosphere in MAECHAM5. Fig. 13
illustrates the non-local forcings that drive the residual circulations and the NAM-patterns
between troposphere and lower mesosphere during strong positive stratospheric NAM. The
growth and the mature phases of the stratospheric vortex is associated with reduced wavebreaking in the polar stratosphere leading to anomalous westerly planetary wave forcing and
thus, according to the momentum budget, to an anomalous equatorward mass transport.
These result in an anomalous contraction in the high-latitude and a stretching in the midlatitude stratosphere and thus in remote anomalous stretching (associated with cooling) in
the high-latitude and a contraction (associated with warming) in the mid-latitude upper
troposphere. The troposphere responds to these changes with an anomalous westerly
planetary wave drag at its polar jet, which explains the enhanced westerlies there and results,
according to the momentum-budget, in an anomalous equatorward mass-transport and thus
quasigeostrophic horizontal mixing of cold and warm air. This dampens and adjusts the nonlocally induced upper tropospheric anomalous meridional temperature gradient. The internal
tropospheric resolved wave drag exercises also an additional downward control that
transfers the non-locally induced stratospheric anomalies further into the lower troposphere.
The persistence and downward-propagation of the NAM-anomalies inside the coupled
troposphere/ stratosphere-system is increased by the positive zonal wind-resolved wave
feedback.
The strong vortex is also associated with negative residual drag (dominated mainly by
gravity wave) in the lower mesosphere and uppermost stratosphere, which weakens the
vortex and exercices a negative feedback on it. The negative residual drag is balanced,
according to the momentum budget, mainly by an anomalous poleward mass transport that
results, by continuity, in a stretching of the polar mesosphere and leads to enhances
anomalous downward motion and adiabatic warming in both lower mesosphere and
stratosphere. This mechanism explains the downward propagation of warming and easterly
wind shear into the middle stratosphere in the decrease and decay phases. The negative
feedback between gravity waves and vortex acts as a self-regulating mechanism of the strong
wind and temperature anomalies during strong vortex episodes. The weakening of the
stratospheric jet is accelerated and enhanced by the polar-vortex planetary-waves feedback.

Fig.12 Schematic diagram showing the mechanisms that contribute to (a) the strengthening
and (b) the weakening of the positive anomalies of the stratospheric polar jet and its impact
on the tropospheric circulation during the evolution of the strong positive stratospheric NAMphase. F+ (F-) represents positive (negative) feedback.

Fig.13 Illustration of the non-local forcings driving the NAM residual circulation patterns
between troposphere and lower mesosphere during strong positive stratospheric NAMphases. Positive (negative) forcing is shaded in dark (light) grey. Positive forcing drives
equatorward motion and thus, by continuity, negative (positive) residual circulation under
(above) the forcing source. Negative forcing drives poleward motion and thus, by continuity,
positive (negative) residual circulation under (above) the forcing source. The forcing sources
exercise positive feedback on the NAM-wind patterns between the free troposphere and
stratosphere but negative feedback in the upper and lower boundaries.

References
Ambaum, M. and H. P. Hoskins, The NAO troposphere-stratosphere connection, J. Climate, 15,
1969-1978, 2002.
Andrews, D., J. R. Holton and C. B. Leovy, Middle atmospheric dynamics, Academic Press,
London, 1987.
Black. R. X., Stratospheric forcing of surface climate in the Arctic Oscillation, J. Climate, 15,
268-277, 2002.
Baldwin, M. P. and T. J. Dunkerton, Propagation of the Arctic Oscillation from the stratosphere
to the troposphere, J. Geophys. Res., 104, 30,937-30,946, 1999.
Baldwin, M. P. and T. J. Dunkerton, Stratospheric harbingers of anomalous weather regimes,
Science, 294, 581-584, 2001.
Boville, B. A., The influence of the polar night jet on the tropospheric circulation in a GCM, J.
Atmos. Sci., 41, 1132-1142, 1984.
Charney, J. G. and P. G. Drazin, Propagation of planetary-scale disturbances from the lower
into the upper atmosphere, J. Geophys. Res., 66, 83-109, 1961.
Christiansen, B., Downward propagation of zonal mean zonal wind anomalies from the
stratosphere to the troposphere: Model and reanalysis, J. Geophys. Res., 106, 27,307-27,322,
2001.
Haynes, P. H., C. J. Marks, M. E. McIntyre, T. G. Shepherd and K. P. Shine, On the downward
control of extratropical diabatic circulation by eddy-induced mean zonal forces, J. Atmos. Sci.,
48, 651-679, 1991.
Hirota, I. and J. J. Barnett, Planetary waves in the winter mesosphere Preliminary analysis of
the Nimbus 6 PMR results, Quart. J. Roy. Meteor. Soc., 103, 487-498, 1977.
Holton, J. R., P. H. Haynes, M. E. McIntyre, A. R. Douglass, R. Rood and L. Pfister, Stratosphere
troposphere exchange, Rev. Geophys., 33, 403 39, 1995.
Holton, J. R., The influence of gravity wave breaking on the general circulation of middle
atmosphere, J. Atmos. Sci., 40, 2497-2507, 1983.
Holton, J. R., An introduction to dynamic meteorology, 3rd ed., Academic Press, San Diego,
1992.
Kodera, K., K. Yamazaki, M. Chiba and K. Shibata, Downward propagation of upper
stratospheric mean zonal wind perturbation to troposphere, Geophys. Res. Lett., 17, 1263 66,
1990.
Labitzke, K., The interaction between stratosphere and mesosphere in winter, J. Atmos. Sci.,
29, 1395-1399, 1972a.

Labitzke, K., Temperature change in the mesosphere and stratosphere connected with
circulation change in winter, J. Atmos. Sci., 29, 756-766, 1972b.
Lindzen, R. S., Turbulence and stress due to gravity wave and tidal breakdown, J. Geophys. Res.,
86, 9707-9714, 1981.
Lorenz, D. J. and D. L. Hartmann, Eddy-zonal flow feedback in the Northern Hemisphere
Winter, J. Climate, 16, 1212-1227, 2003.
Mastuno, T., A quasi one-dimensional model of middle atmosphere circulation interacting
with internal gravity wave, J. Meteor. Soc. Japan, 60, 215-226, 1982.
Norton, W. A., Sensitivity of Northern Hemisphere surface climate to simulation of the
stratospheric polar vortex, Geophys. Res. Lett., 30, 2003GL016,958, 2003.
Omrani, N.-E., Dynamics of the coupled system troposphere/stratosphere in the extratropics,
PhD thesis, Kiel University online publication, 2007.
Perlwitz, J. and N. Harnik, Observational evidence of a stratospheric influence on the
troposphere by planetary wave reflection, J. Climate, 16, 3011-3026, 2003.
Perlwitz, J., and N. Harnik, Downward coupling between the stratosphere and troposphere:
The relative roles of wave and zonal mean processes, J. Climate, 17, 4902-4909, 2004.
Polvani, L. M., and P. J. Kushner, Tropospheric response to stratospheric perturbations in a
relatively simple general circulation model, Geophys. Res. Lett., 29, 2001GL014,284, 2002.
Quiroz, R. S., The warming of the upper stratosphere in February 1966 and the associated
structure of the mesosphere, Mon. Wea., 97, 541-552, 1969.
Roeckner, E. et al., The atmospheric general circulation model ECHAM5. Pt. 1: Model description,
Report 349, Max-Planck-Institut für Meteorologie, Hamburg, 2003.
Roeckner, E. et al., The atmospheric general circulation model ECHAM5. Pt. 2: Sensitivity of
simulated climate to horizontal and vertical resolution, Report 349, Max-Planck-Institut für
Meterologie, Hamburg, 2004.

